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ABSTRACT

The current paradigm for the meridional overturning cell and the associated middepth stratification is that
the wind stress in the subpolar region of the Southern Ocean drives a northward Ekman flow, which, together
with the global diapycnal mixing across the lower boundary of the middepth waters, feeds the upper branch of
the interhemispheric overturning. The resulting mass transport proceeds to the Northern Hemisphere of the
North Atlantic, where it sinks, to be eventually returned to the Southern Ocean at depth. Seemingly, the wind
stress in the Atlantic basin plays no role. This asymmetry occurs because the Ekman transport in the Atlantic
Ocean is assumed to return geostrophically at depths much shallower than those occupied by the inter-
hemispheric overturning. However, this vertical separation fails in the North Atlantic subpolar gyre region.
Using a conceptual model and an ocean general circulation model in an idealized geometry, we show that the
westerly wind stress in the northern part of the Atlantic provides two opposing effects. Mechanically, the
return of the Ekman transport in the North Atlantic opposes sinking in this region, reducing the total
overturning and deepening the middepth stratification; thermodynamically, the subpolar gyre advects salt
poleward, promoting Northern Hemisphere sinking. Depending on which mechanism prevails, increased
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westerly winds in the Northern Hemisphere can reduce or augment the overturning.

1. Introduction

A peculiar feature of the zonally and vertically in-
tegrated meridional heat transport by the ocean is its
interhemispheric asymmetry: more heat is transported
northward in the Northern Hemisphere than southward
in the Southern Hemisphere, with a net northward
transport at the equator (Trenberth and Caron 2001).
This asymmetry is compensated by the atmospheric heat
transport, accompanied by a shift south of the equator of
the climatological position of the intertropical convergence
zone (Kang et al. 2009). The oceanic heat transport in the
Atlantic sector, everywhere northward, causes this
asymmetry: it arises from the interhemispheric meridi-
onal overturning circulation that occupies the mid-
depths of the Atlantic basin.

The conceptual framework for the maintenance of the
middepth overturning circulation (MOC) and the associ-
ated stratification has changed in the last decades. The
idea of a diffusive balance between advection of buoy-
ancy by the global overturning and diapycnal mixing on mi-
croscales (Stommel 1958; Munk 1966; Munk and Wunsch
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1998) has been replaced by a wind-driven and eddy-
mediated perspective (Toggweiler and Samuels 1993;
Gnanadesikan 1999; Marshall and Radko 2003; Wolfe
and Cessi 2010; Marshall and Speer 2012; Nikurashin
and Vallis 2012), where the Ekman transport in the
subpolar region of the Southern Ocean, opposed by
mesoscale eddy buoyancy fluxes, matches the MOC as-
sociated with sinking in the North Atlantic, determining
the global middepth stratification and overturning. In
this perspective, diapycnal diffusion plays a secondary
role in the middepth overturning.

Because the MOC is a global process, it involves the
circulation of the World Ocean, and in particular the
MOC lower branch connects to the abyssal circulation,
which is mostly expressed in the Indo-Pacific and is
powered by diapycnal mixing (Lumpkin and Speer 2007;
Talley 2013). The middepth cell is localized in the Atlantic
basin, and we focus here on this component [i.e., the
Atlantic meridional overturning circulation (AMOC)],
for which diapycnal mixing is locally negligible. Sev-
eral modeling studies have examined the dependence
of the AMOC on the strength, shape, and position of
the wind stress in the Southern Ocean (e.g., Hallberg
and Gnanadesikan 2006; Sijp and England 20009;
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Farneti et al. 2010; Abernathey et al. 2011), that is, in the
upwelling region of the MOC, while the wind stress in
the Northern Hemisphere subpolar gyre (i.e., in the
sinking region of the MOC) has largely been ignored,
presumably because it is considered inconsequential.
One exception is the work of Klinger et al. (2003), who
find that while doubling the wind stress in the Southern
Ocean strengthens the MOC, doubling the wind stress in
the Northern Hemisphere sinking region weakens the
MOC slightly. This is perhaps surprising, because in-
creasing wind stress anywhere should add energy to the
system, resulting in a more vigorous circulation. On the
other hand, increasing Ekman suction in the down-
welling region of the MOC could hinder sinking and
reduce the middepth overturning.

Klinger et al.’s (2003) result is in line with the data
analysis of Evans et al. (2017), finding a short-term re-
sponse of the AMOC between 26° and 45°N to in-
terannual variations in the strength and position of the
North Atlantic subtropical and subpolar gyres, driven by
changes in the wind stress. Specifically, a decrease in the
AMOC transport is associated with an increase in the
amplitude of the wind stress curl. A similar correlation
between the curl of the wind in the North Atlantic gyres
and the salinity has been observed (Hikkinen and
Rhines 2004; Hattn et al. 2005; Hékkinen et al. 2011),
whereby weakening of the subpolar gyre is associated
with higher salinity on interannual time scales. The effect
of changes in the salinity of the subpolar gyre associated
with wind changes depends on the time scale considered:
changes involving the upper branch of the MOC occur
on the time scale of equilibration of the upper branch of
the overturning (i.e., hundreds of years). On interannual
and decadal time scales, changes are associated with the
dynamics of the locally wind-driven gyre.

As discussed by Jones and Cessi (2017), in the sub-
polar region, the gyre drives northward advection of salt
in the interior (i.e., far away from the western boundary)
and southward advection of freshwater in the western
boundary current, resulting in a net downgradient trans-
port of salt. The southward advection by the gyre’s
western boundary current competes with the northward
advection associated with the MOC, also taking place
along the western boundary. Thus, whether the MOC
manages to advect salt northward, thus accomplishing
the salt advection feedback that promotes deep water
mass formation (Stommel 1961), depends on the relative
strength of the MOC and the wind-driven subpolar gyre.
If the velocity of the southward western boundary cur-
rent associated with the locally wind-driven gyre ex-
ceeds the northward velocity of the western boundary
current associated with the upper branch of the MOC,
then the salt advection feedback mechanism is ineffective.
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To have the salt advection feedback mechanism, the
surface salinity must be free to evolve, and thus fresh-
water flux surface boundary conditions are necessary.
Conversely, if surface salinity is relaxed to a prescribed
distribution on a time scale shorter than the time scale of
surface advection by the MOC, there is no salt advection
feedback.

In this work, we systematically examine the equilib-
rium response of the MOC to changes in the Northern
Hemisphere westerly wind stress. We consider a sim-
plified model of the Atlantic sector of the World Ocean,
which equilibrates in about 2000 years, ignoring the in-
teraction with the abyssal cell, which has an even longer
time scale of adjustment (many thousands of years). The
approach is to consider two sets of experiments that
only differ in the salinity surface boundary condition:
1) freshwater flux is prescribed at the surface, allowing
the salt advection feedback to operate, and 2) salinity is
rapidly relaxed to a prescribed distribution, effectively
eliminating the salt advection feedback.

We find that the response to changes in the westerly
winds of the Northern Hemisphere depends crucially on
the presence or absence of the salt advection feedback,
which is controlled by the surface boundary condition on
salinity. For relaxation boundary conditions, increasing
the winds deepens the stratification and weakens the cross-
equatorial MOC. This behavior can be rationalized with a
conceptual model in the spirit of Gnanadesikan (1999).

For freshwater flux boundary conditions, doubling or
quadrupling the Northern Hemisphere westerly winds
deepens the stratification and weakens the MOC. How-
ever, reducing to zero the same winds alters the circulation
in a manner not predicted by the conceptual model be-
cause of a major wind-driven redistribution of the sur-
face salinity in the subpolar region, which makes the
dependence of the MOC and deep stratification non-
monotonic functions of the wind stress in the sinking
region. The large changes in Northern Hemisphere
stratification are transmitted by the MOC to the
Southern Hemisphere, including the Antarctic Circum-
polar Current, showing that just as the Southern Ocean
winds can influence the circulation in the high latitudes
of the North Atlantic, the Northern Hemisphere winds
can alter the circulation in the Southern Ocean.

2. Conceptual model

In its simplest terms, the modern perspective on the
upper branch of the AMOC is summarized by the buoy-
ancy budget vertically integrated above a buoyancy
surface within the middepth overturning, as schematically
depicted in Fig. 1. It is useful to choose a buoyancy surface
that approximately separates the northward-flowing upper
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FIG. 1. Geometry of the conceptual model illustrating the budget
for the residual circulation above the o, = 37 kg m > surface in the
middepth MOC.

branch from the southward-flowing return branch (e.g., the
o, =37 kgm ™ surface in the top-left panel of Fig. 4). The
characterizing feature of o, = 37 kgm ™ is that it is among
the densest buoyancy surfaces, which outcrops in the
subpolar regions of both the Southern Ocean and the
North Atlantic.

The Ekman transport in the subpolar region of the
Southern Ocean is constrained to return at the ocean’s
bottom (or below the top of bathymetric obstacles) by
the longitudinally periodic geometry of this region and
thus must enter the region above the target buoyancy.
Eddy buoyancy fluxes in the Southern Ocean effect
some transport out of the budget region and in the
process restratify the water column opposing the over-
turning tendency of the northward Ekman velocity
(Marshall and Radko 2003). The residual buoyancy
transport proceeds northward in an interhemispheric
western boundary current, augmented (diminished) in
the Northern (Southern) Hemisphere by diapycnal
mixing, until it sinks at the northern outcrop of the target
buoyancy surface.

To close the problem, the residual overturning, eddy
buoyancy fluxes, and diapycnal mixing must all be re-
lated to the isopycnal slope, or the isopycnal height .
For the zonally averaged budget, Gnanadesikan (1999)
proposes the following closure:!

Area h?

— K — + Kk ——
GM
Pl L~ °hL,
Ekman  Eddy flux Mixing Meridional transport
where 7y, f; denote the zonally averaged wind stress and

the Coriolis parameter at the southern boundary of the

!Several different closures for the meridional transport in the
Northern Hemisphere have been proposed (Fiirst and Levermann
2012): we use the one put forward by Johnson and Marshall (2002).
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integration region, respectively; p is the reference den-
sity; and L, is the width of the Southern Ocean. The
unknown in (1) is the depth of the isopycnal at the
eastern boundary /4, which is guaranteed to be independent
of latitude until the sinking latitude is reached. The eddy
flux term is parameterized as diffusion of isopycnal
thickness, with eddy diffusivity xgm; the slope of the
isopycnal is then approximated to be linear across the
periodic Southern Ocean region of latitudinal extent L.
and depth A. Diapycnal mixing occurs over the whole
area of the isopycnal with averaged diffusivity «,.
Finally, the Eulerian meridional velocity v, associated
with the residual overturning at the northern outcrop is
assumed to be in thermal wind balance and thus satisfies

fnazvn = axbn’ (2)

where b, f, are the buoyancy and Coriolis parameter
at the northern outcrop, respectively. The vertically and
zonally integrated Eulerian meridional transport i,
then scales as

fb, ~ Ab(R* = hy), ®)

where Ab is the range of outcropped buoyancies shared
between the Southern Ocean and the sinking region.
Assuming that sinking occurs on the western boundary,
the buoyancy depth at the western boundary #,, is
much smaller than the depth at the eastern boundary
h, and the scaling of the residual overturning term in (1)
is obtained.

The formulation above does not include consideration
of the Ekman transport (and its return flow) in the
sinking region. In the subpolar gyre of the enclosed
basin, the Ekman return flow occurs at depths compa-
rable to those occupied by the upper branch of the
MOC, and its effect can be included by adding the tur-
bulent stress divergence to the longitudinal momentum
balance. Instead of geostrophic balance, the Eulerian
meridional velocity then obeys

T
fnvn:axpn_az;)’ (4)

where 7 is the vertical turbulent stress, satisfying the
surface boundary condition 7 = 7,, with 7, the wind
stress at the sinking location and p, the hydrostatic
pressure.

It is instructive to examine the effect of the vertical
turbulent stress by reviewing the dynamics of a homo-
geneous buoyancy layer of depth D, floating on top of a
motionless region with higher density: this is the one-
and-a-half-layer version of the classical Parsons and
Veronis model (Parsons 1969; Veronis 1973). In this
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case, the pressure gradient is Vp, = AbVD, where Ab is
the buoyancy jump between the two layers, and the
vertically and zonally integrated Eulerian transport i,
is given by

Ab x=eas ?n
f‘lj _7D2|x wesltiLb?’ (5)

where the overbar indicates the zonal average, and L, is
the width of the basin in the east-west direction. If there
is no MOC, ¢, =0, and D is deeper at the eastern
boundary than at the western wall. The associated
pressure difference is in geostrophic balance with a
current that returns northward the zonally integrated
southward Ekman transport. Because we are interested
in the residual rather than the Eulerian overturning, it is
appropriate to also add the eddy flux contribution, as is
done in the Southern Ocean, but with the opposite sign
for the isopycnal slopes. Thus, we define the zonally
integrated residual transport ¢ as

Ab ) x=cas
7D2‘x westt -

T h

fu'= Lh;n+fnLhKGM fN (6)
The last term on the right-hand side represents the eddy
flux of buoyancy in the Northern Hemisphere’s subpolar
gyre: it is characterized by the meridional distance Ly
between the outcrop and the northern boundary, which
becomes infinite when the overturning collapses.

In summary, the analysis just outlined suggests a
modified scaling of the MOC buoyancy budget in (1),
given by

T h N L _Ab 2 Ly, e L,k
pf.  OML kv AT Lof, "ML L L '
K [ n-_x
Ekman  Eddy flux Mixing Residual transport
™)

Notice that it is the definition of the MOC transport that
has changed: in the absence of Southern Ocean eddy flux
or diapycnal mixing, the MOC transport would be solely
determined by the Southern Ocean wind stress 7, and
would not be affected by 7, or an eddy process in the
Northern Hemisphere. There would be just a decrease
in stratification (i.e., an increase in #) when 7, is in-
creased. However, because of Southern Ocean eddy
fluxes and diapycnal mixing, the total MOC residual
transport depends on A, and the increase in 4 due to
increasing 7, leads to a decrease in MOC sinking. The
northern wind stress and eddy flux terms are multiplied
by the ratio L,/L,, measuring the width of the sinking
region relative to the width of the circumpolar region:
this ratio is rather small for Atlantic sinking.
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To illustrate the dependence of & and ' on 7,, it is
useful to consider small perturbations of 7, and linearize
around the solution /, which is the solution of

T LT L r: h L.h

—S e L= Ab Ky Tt Ko T
pf; prf; vh() fan oM Lc oM LXLN
®)

The zonally integrated residual transport ng, associated
with Ay, satisfies

h
t,[/0=——‘“—KGML—O+KU—y. 9)
. 0

The leading order perturbation hy~h — hgy, asso-
ciated with a perturbation of the northern wind stress
o1,, satisfies

L L Lot
Kem b | — LpO0Th
+ K —2+2A + = )
hl ( Lc KU h2 bfn X KGM LxLN> prfn
(10)

Because the coefficient multiplying #; is positive, s in-
creases with 87, linearly for small increases. Conversely,
changes in the zonally integrated residual transport de-
crease with increasing northern westerlies according to

—/’l GM + L
1 L KUW

3. Results of a general circulation model

) = (11)

The effect of 7, on the MOC and stratification pre-
dicted by the scaling in (7) is tested in an ocean general
circulation model (GCM), configured in an idealized
Atlantic sector of the global ocean. The model is the
MITgem (Marshall et al. 1997), which numerically sol-
ves the primitive equations in a spherical sector 60° wide
with solid boundaries to the north and south at *70°.
The solid boundaries along the meridians at 0° and 60°,
terminate south of —52°, where the domain becomes
periodic in longitude. This 60°-periodic region repre-
sents the circumpolar portion of the Southern Ocean in
the Atlantic sector, so in the notation of (7), L, = L,.
The domain is 4000m deep, except that south of the
eastern boundary, there is a 1°-wide ridge 2000 m high.
The model’s resolution is 1° in latitude and longitude. In
the vertical direction, there are 50 unequally spaced
levels, with depths ranging from 17 m near the surface to
148 m at the bottom. The nonlinear equation of state by
Jackett and McDougall (1995) is used. Because the
resolution is insufficient to permit the development of
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FIG. 2. (top) Relaxation temperature to which the model surface
temperature is relaxed on a time scale of 15 days. (bottom) Surface
freshwater flux. The salinity (virtual) flux imposed at the model’s
surface is the negative of the freshwater flux, multiplied by the
reference salinity (35 psu).

baroclinic eddies, their effect on tracer transport is pa-
rameterized using the Gent—-McWilliams advective form
(Gent and McWilliams 1990; Griffies 1998; Ferrari et al.
2010) and the isopycnal tracer mixing described by Redi
(1982), with equal constant coefficients of eddy diffu-
sivity kgm = Kreai = 500m?s~ 1. The vertical diffusivity is
set to 2X10°m?s™! in the interior, increasing to
1X1072m?s™! at the surface over a depth of 30m to
model the mixed layer. A simple convective adjustment
scheme is used where vertical tracer diffusivity is increased
to 10m? s™! when stratification is statically unstable.

The surface forcing is prescribed as steady zonally
uniform wind stress (shown in the top panel of Fig. 3)
and relaxation to temperature with a time scale of
15 days (shown in the top panel of Fig. 2). Two sets of
experiments are performed, differing in the surface
salinity boundary condition: in the first set of experi-
ments, a zonally uniform freshwater flux (virtual salt
flux) is prescribed (shown in the bottom panel of Fig. 2);
in the second set of experiments, the sea surface salinity
(SSS) is relaxed on a time scale of 30 days to the time-
averaged, two-dimensional distribution of SSS obtained
for the fixed flux experiment with the “control” wind
stress value (the black line profile in the top panel of
Fig. 3). In each set of experiments, the surface wind stress
is varied, while the temperature and salinity forcings are
kept fixed, as just described.

Figure 3 (bottom panel) shows the time- and zonally
averaged depths of the o, = 37 kgm > potential density
surfaces, color coded for the four different profiles of the
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FIG. 3. (top) The wind stress profiles used in the computations as
a function of latitude, labeled with the names used in subsequent
figures. (bottom) Contours of the zonally averaged potential den-
sity surfaces o, =37kgm ™" in the latitude-depth plane for the
different wind stress profiles, with colors matching the wind profiles
of the top panel. Solid lines are for the experiments with fixed flux
salinity boundary condition, and dashed lines are for the relaxation
boundary condition.

surface wind stress (shown in the top panel) for both the
fixed flux (solid lines) and relaxation surface salinity
boundary conditions (dashed lines). The o, = 37 kgm >
depth, which is representative of the middepth region of
the MOC, is displaced downward in most of the domain
as the wind stress in the sinking region is increased, as
predicted by the conceptual model in (7), and more so
for the relaxation boundary condition. However, for
the fixed flux boundary condition, when the Northern
Hemisphere westerly wind stress is decreased to zero
(red solid line), the o, = 37 kgm > surface is deepened
so much that it no longer outcrops in the Northern
Hemisphere, indicating that the overturning is confined
to shallower levels.

In the following, we discuss in more detail the role of
the Northern Hemisphere wind stress on the stratification
and overturning, beginning with the fixed freshwater
flux boundary condition, even though the salt advection
complicates the dynamics in this case. The dynamics of
the salinity relaxation boundary condition case are
simpler and are largely described by the conceptual
model of section 2. However, because the distribution of
surface salinity used in the relaxation boundary condi-
tion case is derived from the fixed flux control experi-
ment, this set of computations is discussed first.
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FI1G. 4. Thickness-weighted residual overturning streamfunction (Sv) obtained by integrating the Eulerian plus
the Gent-McWilliams bolus meridional velocity from the bottom to different o levels, then time averaged and
zonally integrated (colors and gray contours; contour interval is 2 Sv), as a function of latitude and o, for four
computations forced by the different wind stress profiles given in the top panel of Fig. 3 with freshwater flux surface
boundary conditions. The ordinate is remapped in depth coordinates using the accumulated o, thickness. Selected
zonally averaged o, isocontours (kg m ™) are shown in black contours.

a. Fixed freshwater flux surface boundary condition

A nonmonotonic dependence on the Northern Hemi-
sphere wind stress amplitude is also found for the me-
ridional overturning circulation, measured here by the
thickness-weighted residual meridional streamfunction,
obtained by integrating the meridional velocity (Eulerian
plus Gent-McWilliams bolus component) from the
bottom to a specified set of fifty o, levels, then time
averaging and zonally integrating it (Young 2012). In
this way, the meridional buoyancy transport due to the
Eulerian velocity, gyres, stationary waves, and parame-
terized eddies is captured. Figure 4 shows the resulting
overturning streamfunction for the four wind stress
profiles shown in the top panel of Fig. 3. With the
westerly wind stress in the Northern Hemisphere dou-
bled (Fig. 4, bottom-left panel), the overturning is de-
creased relative to the control wind everywhere, except
in a region under the wind stress maximum. In particular,
the cross-equatorial transport of the interhemispheric cell
is reduced (see Fig. 6, orange dashed lines and circles, right
axis), although the maximum streamfunction (at the lati-
tude of the westerlies) is increased.

With the westerly wind stress quadrupled (Fig. 4,
bottom-right panel), the overturning circulation above
1000m is reduced again, except at the latitudes of the
wind stress maximum. However, below 1000 m, the cir-
culation is stronger for the quadrupled wind stress, and
the circulation is strongly intensified near the northern

boundary. The northern intensification is associated
with a locally enhanced pycnostad, where the parame-
terized eddy flux (inversely proportional to the local
stratification) is very large (see Fig. 5, bottom-right panel).
Because the parameterized eddy flux acts to transport
buoyancy poleward, it produces an overturning that in
the Northern Hemisphere is in the same sense as the
MOC, and thus reinforces it. This is in contrast with the
effect of the eddy flux in the Southern Hemisphere,
where the poleward eddy flux contrasts the interhemi-
spherical overturning.

Finally, for the zeroed westerly wind stress, the over-
turning circulation is weakened everywhere (top-right
panel in Fig. 4): in this case, there are essentially no
isopycnals shared between the circumpolar region and
the Northern Hemisphere, so the overturning is con-
fined to shallower levels. In particular, the isopycnals
denser than o, =36.5kgm > no longer outcrop in the
Northern Hemisphere.

The change in stratification due to the wind stress in
the Northern Hemisphere also causes changes in the
zonal transport of the circumpolar current, as can be
seen in the barotropic streamfunction associated with
the vertically integrated velocity, shown in Fig. 7. The
small deepening of the middepth isopycnals as the
northern wind stress increases, and the associated slope
increase in the circumpolar region, induces a small in-
crease in the transport of the zonal circumpolar current
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FIG. 5. Overturning streamfunction (Sv) associated with the time-averaged and zonal integral of the Gent-
McWilliams bolus velocity (contour interval is 2 Sv), as a function of latitude and depth, for four computations
forced by the different wind stress profiles given in the top panel of Fig. 3.

(Fig. 6, blue solid curve and asterisks, left axis). When
the westerly wind stress goes to zero, the substantial
weakening of the overturning leads to a sizable steep-
ening of the middepth isopycnals. The steepening of the
isopycnal slope in the circumpolar region can be de-
duced by (7), rearranged to yield
h T L

S

—K . =5
GMLc pfs

l/,’(
y

K + L—x, (12)
where ' is defined in (6). The first two terms on the
right-hand side are negative (f; <0 is the Coriolis pa-
rameter in the circumpolar region), but the middepth
overturning ' is positive and thus tends to reduce the
(negative) isopycnal slope. When 7, = 0, the meridional
overturning retreats north of the circumpolar region, so
that the circumpolar stratification is in the zero residual
transport limit considered by Marshall and Radko
(2003). The associated increase in A/L. leads, through
thermal wind balance, to strengthening of the zonal
circumpolar transport. This remote effect of wind stress
in the Northern Hemisphere changing the circumpolar
transport, mediated by a global rearrangement of the
middepth stratification and overturning circulation,
would probably be reduced in a more realistic setting
with a narrower longitudinal width in the sinking region
relative to the circumpolar width.

In addition, it is not clear whether the increase in the
zonal circumpolar transport would be as large with a
more faithful representation of the eddy flux of tracers:
the literature on eddy saturation indicates that an increase

in the local wind stress leads to a small increase in the
zonal circumpolar transport (Straub 1993; Hallberg and
Gnanadesikan 2001; Hogg et al. 2008; Farneti et al.
2010; Munday et al. 2013), because eddy transport of
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FIG. 6. Vertically and meridionally integrated zonal transport
across the periodic portion of the domain (latitudes between 70°
and 52.5°S) as a function of the maximum westerly wind stress
amplitude in the Northern Hemisphere (blue lines; left axis): the
blue solid line and asterisks are for the fixed flux boundary condi-
tion, and the blue dashed line and diamonds are for the relaxa-
tion boundary condition. Maximum residual transport across the
equator as a function of the maximum westerly wind stress am-
plitude in the Northern Hemisphere (orange lines; right axis): the
orange dashed line and circles are for the fixed flux boundary
condition, and the orange dashed—dotted line and X marks are for
the relaxation boundary condition.



2502

momentum (due to both barotropic and baroclinic
eddies) also increases counteracting the overturning
associated with the increased Ekman transport. The
effect of remote wind stress on the circumpolar trans-
port has not been studied in the eddy-resolving context,
but presumably some eddy-saturation effects would still
be operative.

In summary, the computations partially confirm the
prediction of the conceptual model of section 2 and
the scaling in (7): the middepth isopycnals deepen as
the northern wind stress is increased, and the inter-
hemispheric transport decreases. However, more complex
behavior is also obtained that is not predicted by (7): for
zero northern wind stress, fewer isopycnals are shared
with the circumpolar region, and the circulation is
greatly reduced.

This nonmonotonic behavior can be rationalized by
looking at the changes in the salinity induced by the
wind-driven perturbations. Specifically, we focus on
the salinity at the surface, which is representative of the
whole upper branch of the MOC. Figure 8 shows the sea
surface salinity (color contours and thin black lines) for
the four wind stress profiles shown in the upper panel of
Fig. 3: the main differences are found in the Northern
Hemisphere subpolar gyre region. As the local wind
stress increases, high salinity values from the subtropical
region are advected northward by the cyclonic wind-
driven circulation, increasing the salinity in the subpolar
gyre, especially on the eastern side. In particular, while
for the control wind profile the lowest salinities in the
Northern and Southern Hemispheres’ subpolar regions
are comparable (‘‘1 winds” panel in Fig. 8), as the wind
increases the subpolar Northern Hemisphere salinity
becomes larger than its Southern Hemisphere counter-
part (“2 winds”’ and ““4 winds” panels in Fig. 8), creating
the conditions for the establishment of the thick
pycnostad, which in turn leads to the clockwise circula-
tion associated with the eddy flux parameterization.
Conversely, when the northern wind stress is zeroed, the
subpolar gyre becomes extremely fresh, reducing the
range of outcropping isopycnals shared with the cir-
cumpolar region (“0 winds” panel in Fig. 8) and the
strength of the overturning. Figure 8 (thick red line) also
shows the outcrop of the time-averaged o, = 37 kgm ™
as the wind stress increases, the outcrop area increases in
the Northern Hemisphere and decreases in the circum-
polar region. For zeroed wind stress, the time-averaged
o, =37 kgm? surface no longer outcrops, leading to a
near collapse of the middepth overturning.

In these computations, the salinity in the subpolar
gyre is determined by a competition between two op-
posing effects. On one hand, as the Northern Hemi-
sphere westerly wind stress increases, there is deepening
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of the isopycnals and a decreased residual overturning,
as predicted by (7). This leads to a decreased northward
salinity advection by the northward western bound-
ary current associated with the overturning (the salt
advection feedback) (Stommel 1961; Rahmstorf 1996).
On the other hand, the increased wind stress spins up the
Northern Hemisphere subpolar/subtropical gyres (cf.
Fig. 7), leading to a decreased salinity jump across the
intergyre boundary, as predicted by the scaling of Jones
and Cessi (2017, their appendix B), resulting in a more
saline subpolar gyre. In the configuration examined
here, where the circumpolar region has a small longitu-
dinal extent, the interhemispheric MOC is weak (about
6Sv; 1Sv = 10°m’s '), and the Northern Hemisphere
locally wind-driven flows dominate over the salinity
advection by the MOC for all values of the Northern
Hemisphere wind stress except zero.

b. Relaxation surface boundary condition

The salinity feedback is essential for the dramatic
changes seen for zero wind stress in the northern subpolar
gyre. In the following, the salinity feedback is removed by
replacing the freshwater flux surface boundary condition
with relaxation to a prescribed surface salinity distribution.
Specifically, the surface salinity is relaxed to the time-
averaged SSS obtained when the Northern Hemisphere
wind stress is set to the control value (i.e., the black line
profile in the top panel of Fig. 3: ““1 wind”): this is the
SSS shown in the leftmost panel of Fig. 8. The 30-day
relaxation time is much shorter than the advection
time around the subpolar gyre, which is on the order of
20 years for the control experiment.

Figure 3 (bottom panel, dashed lines) shows that the
isopycnal depth increases monotonically with the
Northern Hemisphere wind for the relaxation boundary
condition. This leads to a qualitative change in the re-
sponse to the zero wind stress profile relative to the
freshwater flux experiments in that the depth of the
isopycnal increases monotonically with increasing wind.
The isopycnal depth increase is accompanied by a re-
duction in the residual overturning circulation, as mea-
sured by the cross-equatorial transport (see Fig. 9 and the
dashed-dotted orange line and crosses in Fig. 6). The
overall stratification is also decreased with relaxation
boundary conditions: the isopycnal o, =37.4kgm >
does not exist with this boundary condition for any of
the wind stress configurations. Evidently, this buoy-
ancy value exists at the surface in the time-dependent
SSS, but not in the time- average used in the relaxation
boundary condition.

The behavior found for the salinity relaxation surface
boundary condition is in agreement with the findings of
Klinger et al. (2003), who used the same type of boundary
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FIG. 7. Barotropic streamfunction (Sv) associated with the vertically integrated velocity for four computations forced by the different wind
stress profiles given in the top panel of Fig. 3 and freshwater flux surface boundary condition. The contour interval is 10 Sv.

condition. With the salinity advection feedback excluded, the fixed salinity flux boundary condition, a more com-
the conceptual model of section 2 qualitatively captures plete model would have to take into consideration the
the dependence of the stratification and overturning as  effect of the salinity feedbacks on the parameters Ab and
7, is changed. To account for the changes observed in L, of (1), as in the approach of Johnson et al. (2007).
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FIG. 8. SSS referenced to 35 psu for four computations forced by the different wind stress profiles given in the top panel of Fig. 3 and
freshwater flux surface boundary condition. The contour interval is 0.2 psu. The thick red contour shows the position at the sea surface of
the time-averaged o, = 37 kgm > (i.e., its time-averaged outcrop).
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boundary condition. The ordinate is remapped in depth coordinates using the accumulated o, thickness. Selected
zonally averaged o, isocontours (kg m ) are shown in black contours.

4. Discussion

The westerly wind stress in the Northern Hemisphere
affects the middepth overturning circulation and strati-
fication beyond the locally forced region. Generally, a
wind stress increase tends to deepen the stratification,
just as an increase in the wind stress in the Southern
Ocean does, but it decreases the interhemispheric trans-
port by the middepth overturning circulation (i.e., the
opposite to the response to circumpolar winds). The
mechanical response to the changes in the wind stress in
the northern subpolar gyre is captured by a simple
modification of Gnanadesikan’s (1999) model (i.e.,
adding the local Ekman and eddy flux transports in the
sinking region).

When the surface salinity is free to evolve, under
freshwater flux boundary conditions, this remote response
is not monotonic, and for zero (and presumably also for
weakened) Northern Hemisphere westerly wind stress,
the overturning is much reduced and the stratification is
deepened. Conversely, an increase in the wind stress in
the Southern Ocean leads to a monotonic increase in the
middepth overturning circulation and a deepening of
the stratification (Hallberg and Gnanadesikan 2006;
Sijp and England 2009; Farneti and Delworth 2010;
Abernathey et al. 2011).

This qualitative difference, arising from the different
geometries of the two subpolar regions, is due to the

poleward salt advection effected by the wind-driven
gyre, a process that is absent in the circumpolar setting.
For zero winds, the salt advection by the northern sub-
polar gyre is absent, and the SSS becomes very fresh
because of the freshwater flux applied at the surface,
which is balanced just by small lateral eddy diffusion in
the mixed layer, a process that is rather inefficient at
exchanging salt across the boundary between the sub-
polar and subtropical gyres. In addition, the subpolar
gyre Ekman suction pulls dense isopycnals toward the
surface, increasing the range of surface buoyancy values
shared with the circumpolar region, which is an essen-
tial ingredient for the quasi-adiabatic dynamics of the
middepth cell (Wolfe and Cessi 2010; Nikurashin and
Vallis 2012).

The salinity response to changes in the Northern
Hemisphere wind stress found here is opposite to that
described by Hikkinen et al. (2011): here, salinity in the
subpolar gyre increases as the gyres spin up and the
outcropped region expands, especially on the eastern
side of the domain (cf. the leftmost three panels of
Figs. 7 and 8), while in Hiikkinen et al. (2011), salinity
increases as the gyres spin down. There are at least two
reasons for this discrepancy. First, the equilibrium re-
sponse was considered here, while the observations cited
above deal with interannual response, and the two cannot
be compared directly. Second, in the computations
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presented here, the interhemispheric overturning is
weak, about 6 Sv, due to the reduced longitudinal extent
of the circumpolar region, and this value is much less
than the wind-driven transport in the subpolar gyre for
all values of the wind stress (except zero). The observed
interhemispheric AMOC transport is about 17Sv at
26.5°N (McCarthy et al. 2015), which is comparable to
the 20-Sv transport of the subpolar gyre (Colin de
Verdiére and Ollitrault 2016).

In nature, the wind stress acts all along the circum-
polar region (i.e., along a wider stretch of longitudes at
the upwelling end of the global overturning circulation
than at the downwelling end). In the limited domain
considered here, this disparity is not taken into account,
and the global effects of the westerly wind stress in the
sinking region are likely exaggerated relative to the
winds in the circumpolar ocean. Nevertheless, it is clear
that the wind gyres in the Northern Hemisphere have an
important role in the salinity budget of the subpolar
region, with implications for the global overturning
circulation.
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