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ABSTRACT

The adiabatic overturning circulation is the part of the meridional overturning circulation that persists in
the limit of vanishing diffusivity. Two conditions are required for the existence of the adiabatic overturning
circulation: a high-latitude zonally reentrant channel subject to surface westerlies and a set of outcropping
isopycnals shared between the channel and the opposite hemisphere. This paper examines how different
buoyancy forcing regimes, particularly freshwater flux, affect the surface buoyancy distribution and the
strength of the adiabatic overturning circulation. Without freshwater forcing, salinity is uniform and buoyancy
is determined by temperature only. In this case, the size of the shared isopycnal window is effectively fixed by
the coupling between atmospheric and sea surface temperatures. With freshwater forcing (applied as a surface
flux), the salinity, and thus the sea surface buoyancy and the size of the shared isopycnal window, is not
specified by the atmospheric state alone. It is found that a salt-advection feedback leads to surface buoyancy
distributions that increase the size of the isopycnal window and strengthen the adiabatic overturning circu-
lation. The strength of the feedback is controlled by processes in high latitudes—the southern channel, where
the surface salinity is determined by a balance between freshwater input from the atmosphere, salt input from
upwelling deep water, and freshwater export by Ekman transport; and the Northern Hemisphere, where the
overturning and wind-driven transport in the thermocline advect salty water from the subtropics, mitigating
the freshening effect of the surface freshwater flux. The freshwater budget in the channel region provides an

1175

estimate of the size of the isopycnal window.

1. Introduction

The meridional heat transport in the ocean is not
symmetric about the equator—the peak northward heat
flux in the Northern Hemisphere (NH) is about twice
the peak southward heat flux in the Southern Hemi-
sphere (SH; Fasullo and Trenberth 2008), even though
there is 30% more ocean in the SH than in the NH.
This asymmetry is due in part to the fact that the heat
transport in the Atlantic Ocean is northward at every
latitude north of 30°S (Trenberth and Fasullo 2008). The
northward Atlantic heat transport partially compen-
sates for some of the southward Indo-Pacific heat flux in
the SH, leading to a reduced poleward heat flux in this
hemisphere.
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The northward heat flux in the Atlantic Ocean is due
primarily to the Atlantic meridional overturning circu-
lation (AMOC; Bryden and Imawaki 2001), wherein
cold water masses [collectively known as North Atlantic
Deep Water (NADW)] formed in the seas surrounding
Greenland flow southward at depth along the western
boundary of the Atlantic Ocean toward the Southern
Ocean, where they are distributed to the other ocean
basins by the Antarctic Circumpolar Current (ACC;
Gordon 1986). This cold outflow at depth is returned to
the North Atlantic as a warm surface current; the re-
sulting circulation exports cold water and imports warm
water at all latitudes, leading to a net northward heat
flux (Roemmich and Wunsch 1985). The excess heat
transported by the AMOC is returned to the atmo-
sphere in the relatively small North Atlantic Ocean and
has a significant impact on the climate of the countries
bordering the North Atlantic. It is therefore important
that the mechanisms supporting the AMOC and its
variability be understood if the regional climate of the
North Atlantic is to be predicted.

The route by which NADW exported from the At-
lantic Ocean transforms into the warm return flow is not
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FIG. 1. Schematic of the adiabatic overturning circulation. Thin lines give the zonally aver-
aged isopycnal height, and thick solid lines show the adiabatic pole-to-pole cell. Figure is

adapted from Wolfe and Cessi (2011).

known with certainty and is a subject of current research
(Gordon 1986; Rintoul 1991; Marshall and Speer 2012).
Classical models of the AMOC envisaged the NADW
upwelling through the tropical and subtropical thermo-
clines, balanced by a downward turbulent mixing of
warm water (Robinson and Stommel 1959; Stommel and
Arons 1959a,b; Munk 1966; Munk and Wunsch 1998).
Given the observed stratification and deep-water for-
mation rates, the diffusivity x required to support a dif-
fusive AMOC was estimated to be k ~ 10 *m?s™!
(Munk 1966; Munk and Wunsch 1998). Direct mea-
surements of the ocean’s turbulent diffusivity using mi-
crostructure probes or dispersion of tracers are still too
sparse to make definitive estimates of « in the depth
range occupied by the NADW (approximately 1000
3000 m), but estimates of « using both shear (measured
by acoustic Doppler current profilers) and strain (mea-
sured by conductivity—temperature—depth samplers)
suggest that k may be too small—by as much as a factor
of 10—to support a diffusive AMOC (Kunze et al. 2006),
although hot spots, especially in the Southern Ocean,
might increase this estimate (Garabato et al. 2004).
This “missing mixing”” problem prompted the ocean-
ographic community to consider models of the AMOC
that do not require large values of k in the ocean in-
terior. Toggweiler and Samuels (1998) noted that the
AMOC could be sustained in the limit of zero interior
diffusivity in domains with a zonally reentrant southern
channel subject to surface westerlies. Net (i.e., zonally
integrated) geostrophically balanced meridional flow
is forbidden in zonally reentrant geometries, as the net
pressure gradient vanishes. This means that net me-
ridional flow can only be found in the channel within
Ekman layers or below the level of the highest topography

(Vallis 2000). If the level of the highest topography is lo-
cated below the depth range of the deep water—as it is in
the modern World Ocean—water driven north in the
Ekman layer can only be replaced by deep water me-
chanically upwelled by Ekman suction. Toggweiler and
Samuels (1995) called this the ‘Drake Passage effect.”
Subsequent authors have used this result, extended to
account for the effects of mesoscale eddies in the Southern
Ocean, to build conceptual models of the AMOC that do
not require large values of « in the ocean’s interior (Wolfe
and Cessi 2010, 2011; Radko and Kamenkovich 2011;
Nikurashin and Vallis 2012).

A recent conceptual model of the adiabatic over-
turning circulation is illustrated in Fig. 1. This schematic
gives an idealized, zonally averaged' representation of
the stratification and residual overturning circulation in
a single-basin ocean with a zonally reentrant southern
channel (representative of the ACC). The ocean is as-
sumed to be nearly adiabatic beneath a diabatic surface
mixed layer that is thin compared to the total depth of
the ocean. Isopycnals (thin lines) are divided into three
classes:

(i) isopycnals that do not outcrop in the channel (white
fill), which are associated with the main subtropical
and tropical thermoclines;

(ii) isopycnals that outcrop only in the channel (dark
blue fill), which are associated with bottom water
formed in the southern subpolar areas; and

(iii) isopycnals that outcrop both in the channel and the
northern subpolar region (light blue fill), which we

! The zonal average is taken at constant buoyancy.
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term ‘‘shared.” These isopycnals are associated with
deep water formed in the high northern latitudes.

On the shared isopycnals, an adiabatic pole-to-pole
circulation (thick black line) can be maintained by deep-
water formation in the northern subpolar regions. Once
this deep water leaves the mixed layer, it slides adia-
batically to the southern channel, where it is upwelled
mechanically by deep-reaching Ekman suction driven
by surface westerlies, partially canceled by a contribu-
tion from eddy buoyancy transport in the channel. Once
at the surface, water parcels are driven across isopycnals
by northward Ekman transport and diabatic eddy fluxes.
Once they reach the northern edge of the channel, water
parcels can proceed north either by subducting below
the mixed layer and returning adiabatically (as shown
in Fig. 1) or by remaining in the mixed layer; which
route dominates is currently not known. Once the wa-
ter parcels return to the surface in the northern sub-
polar gyre (NSG), they are again driven northward across
isopycnals—this time by the gyral circulation—and the
loop is closed.

The necessary ingredients for the adiabatic pole-to-
pole cell are thus a circumpolar channel subjected to
surface westerlies, which allows the wind-driven circu-
lation to penetrate to great depth, and a set of isopycnals
outcropping in both the channel and the NH. The pole-
to-pole cellis driven, in an energetic sense, mechanically
by wind over the channel (Wunsch 1998; Ferrari and
Wunsch 2009), but is enabled by buoyancy fluxes that
maintain the shared isopycnals in both hemispheres. If
the northern subpolar waters became too light or the
channel waters became too dense, the shared window
would vanish and the pole-to-pole cell would collapse.
This paradigm is opposite the classical view of the me-
ridional overturning circulation (formerly known as the
thermohaline circulation) where the pole-to-pole flow is
powered by buoyancy differences between the hemi-
spheres and diapycnal mixing (Rooth 1982). Implicit
evidence of the ‘“‘shared surface buoyancy’”’ mechanism
has been given in model experiments, where the AMOC
has been found to strengthen in response to increased
buoyancy in the ACC (Weaver et al. 2003; Knorr and
Lohmann 2003).

The ocean interior is unlikely to be perfectly adia-
batic. Weak mixing can support diabatic overturning
cells involving deep-water formation at high latitudes
balanced by diffusive upwelling in the tropics and sub-
tropics. The diabatic cells circulate in the same direction
as the adiabatic cell (clockwise) in the NH and in the
opposite direction (anticlockwise) in the SH. Thus, su-
perposing the adiabatic and diabatic cells produces an
asymmetric AMOC that is stronger in the NH than in
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the SH (Kuhlbrodt et al. 2007). Mixing and wind forcing
near the surface can additionally support diabatic sur-
face cells in the tropics and subtropics; bottom-intensified
mixing can support a diffusively driven deep overturning
cell associated with bottom water. These latter over-
turning circulations are not the focus of the present study.

If the density of seawater depended only on temper-
ature, the surface density distribution—and hence, the
size of the shared isopycnal window—would be ap-
proximately specified by prescribing the atmospheric
state because, over large spatial scales and long time
scales, oceanic and atmospheric temperatures are tightly
coupled at the sea surface (Haney 1971). In contrast,
precipitation is not strongly influenced by ocean salinity,
and the freshwater exchange at the air-sea interface
results in a prescribed surface freshwater flux rather
than a prescribed salinity. Thus, with salt, the surface
buoyancy distribution is not known by prescribing the
atmospheric state, but is rather part of the resulting
circulation. Several authors (Stommel 1961; Bryan 1986;
Cessi and Young 1992; Rahmstorf 1996) have pointed
out that the salt distribution is such as to increase
the buoyancy differences between the meridional end
points of the overturning cell, leading to a positive salt
feedback in diffusive models of the AMOC, whereby the
advection of salt in the region of freshening leads to an
increase in the density difference between the end points
of the circulation, which in turn leads to an increase in
the strength of the overturning. However, we show that
in the adiabatic regime, the positive salt feedback still
exists, but acts to decrease the buoyancy differences
between the meridional end points of the overturning
cell, while increasing the range of shared surface buoy-
ancies: it is a positive feedback because it reinforces the
residual overturning.

More generally, the purpose of this paper is to ex-
amine the role of buoyancy forcing, and in particular of
the freshwater flux, in the adiabatic overturning circu-
lation through a series of idealized process studies us-
ing an oceanic general circulation model. The model is
described in section 2 and some frequently used di-
agnostics are introduced in section 3. As a prelude,
section 4 examines the response of the overturning cir-
culation to changes in surface temperature forcing in
the absence of freshwater forcing. The effect of salt
forcing on the overturning circulation and stratifica-
tion is examined in section 5. A scaling law that explains
the relationship of the strength of the pole-to-pole
overturning circulation and stratification to the size
of the shared isopycnal window is discussed in sec-
tion 6, and the geography of salt transport is consid-
ered in section 7. Finally, the results are summarized in
section 8.
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FIG. 2. Model domain.

2. Model description

We use the Massachusetts Institute of Technology
General Circulation Model (MITgem; Marshall et al.
1997a,b) to integrate the hydrostatic Boussinesq primi-
tive equations in a rectangular, equatorially centered
domain with zonal and meridional extents of L, =
2500km and 2L, = 10000 km, respectively, and a depth
of H = 2400 m.” The model has a flat bottom and vertical
walls, except for the range —L, = y = y,, where y. =
—3750km, which is a flat-bottomed, zonally reentrant
channel. We employ the B-plane approximation, where
B =23%x10""m 's™!. The model domain is shown in
Fig. 2. The horizontal resolution is 100 km. There are
N, = 20 levels in the vertical with thicknesses ranging
from 12 m near to the surface to 225 m near the bottom.
The level interfaces are located at

Zk__

tanhA(N, — k) tor k=0 N

)

where A = 0.11.

Momentum is dissipated via Laplacian viscosity with
horizontal and vertical coefficients A, = 10°m?s~! and
A, =25X10"*m?s !, respectively; we employ no-slip
sidewalls and a free-slip bottom augmented by a lin-
ear bottom drag with coefficient » = 5 X 107 °s™..
Eddies are parameterized using the advective form of
Gent and McWilliams (1990, hereafter GM) and Redi
(1982) isopycnal mixing with equal mixing coefficients

2 This is roughly half the size, in all dimensions, of the Atlantic
Ocean. This domain size was chosen to match an eddy-resolving
model used in earlier studies (Wolfe et al. 2008; Cessi and Wolfe
2009; Wolfe and Cessi 2009; Cessi et al. 2010; Wolfe and Cessi 2010,
2011); computational limitations required that the eddy-resolving
model be run in a relatively small domain.
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Kk, = 500m?s~"; this value was determined by matching
the slopes in the model’s channel with those from an
eddy-resolving simulation in the same domain (Wolfe
and Cessi 2011). GM is implemented using the boundary
value problem (BVP) scheme of Ferrari et al. (2010)
with vertical mode number m = 2 and minimum wave
speed cpin = 0.1 ms~!. The Redi tensor is tapered ex-
ponentially to horizontal diffusion in regions of weak
stratification using the method of Danabasoglu and
McWilliams (1995).

Tracers are advected using a flux-limited form of the
Prather (1986) second-order moments scheme, which
allows explicit horizontal diffusivities to be set to zero
while maintaining model stability. Vertical diffusivity is
surface intensified to model an idealized mixed layer of
specified depth d = 40 m and has the form

z+d
, 2

6mix) ( )
where 8,,;x = 5m and the surface diffusivity k; = 5 X
102 m?s~!. The mixed-layer diffusivity is large enough
that the results are insensitive to O(1) changes in its
amplitude (Wolfe and Cessi 2011). The advantage of the
choice (2) is that it is simple and the mixed-layer depth is
known (except at high latitudes, where convective ad-
justment is active). Two values for the abyssal diffusivity
are considered: a moderate-diffusivity (MOD-DIFF)
case with k, = 2.5 X 10 >m?s ! and a low-diffusivity
(LOW-DIFF) case with k, = 3.125 X 10 °m?s~'.> The
implicit diffusivity of Prather’s advection scheme is be-
low the lowest abyssal vertical diffusivity used in our
computations. Profiles of the two diffusivities are shown
in Fig. 3.

We employ a linear equation of state, so that buoy-
ancy is given by

b= ga0(0 - eref) - ng(S - Sref)’ )

1
K, (z) =K, + 3Ky (1 + tanh

where 6 is potential temperature, 0, = 0.5°C, S is sa-
linity, S, = 35psu, g is gravitational acceleration,
and the expansion coefficients are ay = 2 X 10 *K™!
and Bs = 7.5 X 10 *psu .

The surface forcing functions are idealized rep-
resentations of the forcing of the Atlantic Ocean and are

3 The parameter that measures the effect of diffusion on the flow
is the ratio of the vertical Ekman and Prandtl numbers, Ek, /o, =
K./foH?. For fixed rotation rate f; and aspect ratio H/L, diffusivity
must scale quadratically with the domain size to keep Ek,/o,
constant. Thus the moderate and low diffusivities correspond to
Ka=1X10"*m?s tand k, = 1.25 X 10 >m?s ™!, respectively, for an
Atlantic-sized basin.



APRIL 2014

0

-100}

-200f

—

g

—

N

-300¢

—-1000¢

—-1700¢

_2400
10° 102 10* 10° 107

FI1G. 3. Profiles of vertical diffusivity «, for the LOW-DIFF (blue
circles) and MOD-DIFF (green squares) experiments. Filled
symbols give the diffusivities at the vertical grid points. Note the
change in vertical scale below 300 m.

shown in Fig. 4. Wind stress is purely zonal and is
given by

- 3my —y218?
’T(y)—’TO <—C052Ly+a7_e yihe- 1, (4)
where 79 = 0.1Pa, a, = 0.8, and §, = 640km. The sea
surface temperature (SST) is relaxed with a time scale of
8.8 days to the profile

T*(y) = Te* cos Y+ T;ef(nyy)zlazT , (5)
! 2Ly

where T;l =20°C is the temperature at the equator,
6r = 1800km, and the temperature at the northern
boundary T ranges from 0° to 5°C. The short re-
laxation time scale is consistent with the estimate of
Haney (1971) and the thickness (14 m) of the first tracer
layer; it also ensures that the surface temperature is
nearly clamped to the relaxation profile.

Freshwater forcing is represented by a virtual salt flux

F(S)=-S(P—-E—(P—-E)), (6)

where
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FIG. 4. (a) Wind stress 7, (b) SST relaxation profile 7*, and
(c) precipitation minus evaporation P — E (used in the SALT ex-
periments only), as a function of meridional position y. The gray
shading gives the lat band of the channel. In (b), the envelope of
possible temperature profiles is given; the horizontal dashes denote
the temperature at the northern edge of the channel.

P-E=-F (cosZ—y - asey%?') : )
y

where P is the precipitation, E is the evaporation, ag = 2,
8s = 900km, and (P — E) is the area average of P — E.
Positive salt fluxes are salinifying. Two values of F; are
used: Fy = 0 for the NO-SALT experiments and F, =
0.81myr ! for the SALT experiments.

All simulations were run to statistical equilibrium—at
least 5000 years—and the analyses were performed on
the final 1000 years.

3. Diagnostics
a. Residual overturning streamfunction

The overturning circulation is quantified using the
zonally integrated residual overturning streamfunction

0

W(y,5) = J VHbGy. 20 —bldz, (8

where
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is a combined temporal average and zonal integral, T =
1000yr, v! = v + vgy is the total meridional velocity
(the sum of the resolved velocity v and the eddy velocity
from the GM parameterization vgy), and H is the
Heaviside step function. The variable ¢ is the zonally
integrated transport of water above the isopycnal
b(x, y, z, t)=b. The “vertical” coordinate b is the
buoyancy; the tilde distinguishes the coordinate ‘‘buoy-
ancy” from the buoyancy field (Young 2012).

As this study is concerned with the pole-to-pole
component of the overturning circulation [analogous
to the “push—pull” mode of Radko et al. (2008)], we
quantify the strength of the overturning circulation us-
Ing Ymay, the maximum value of ¢ at the equator. Using
the equatorial maximum of ¢ avoids the recirculating
part of the overturning circulation confined to one
hemisphere, which is diffusively driven and largely in-
sensitive to the dynamics of the channel (Griesel and
Maqueda 2006).

For presentation purposes, ¢ is remapped into height
coordinates using the mean isopycnal height

0

H[b(x,y,z,1) —b]dz.  (10)

§(y,b~)E—Li[

X °

In height coordinates, iy advects a modified buoyancy
b*(y, z) that satisfies Z[y, b*(y, z)] = z; that is, ¢ is con-
stant on b* contours for purely adiabatic flow.

In the presence of zonal buoyancy gradients, the
remapping distorts the vertical extent of the mixed layer.
We define an isopycnal labeled by b to be in the mixed
layer if

H(b— b, +8b)=0, (11)

where b, is the surface buoyancy and 8b = 3 X 10 *ms >
is a small threshold; the mixed-layer region is remapped
into height coordinates in the same manner as .

b. Thickness-weighted average salinity

The thickness-weighted average (TWA) salinity S is
time and zonally averaged at constant buoyancy (Young
2012). It is defined as

. N 1 0
S(y,b) =i J

X

S8(b—b)dz, (12)
H

where the thickness weight o= 9, and § is the & func-
tion. The term S is remapped into height coordinates in
the same manner as .
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4. NO-SALT results
a. Case study

We first describe a specific case in detail to orient the
discussion of the general results. The experiments under
consideration have T¥ = 1°C. The temperature forcing
is such that the NH is warmer than the SH, but still within
the range of the channel surface temperatures, as in the
present-day Atlantic Ocean. Based on the temperature re-
laxation profile, the range of shared surface isotherms im-
plied by the temperature relaxation profile is AT =
T* —T¥ =1.9°C, where T* =T*(y.) is the relaxation
temperature at the northern edge of the channel; the
actual range of shared surface isotherms may differ from
AT due to the internal dynamics. This definition of AT
assumes that the northernmost temperature is higher
than the southernmost temperature, so increasing Tx
causes AT to decrease.

The overturning circulation and stratification for the
MOD-DIFF and LOW-DIFF cases are shown in Figs. Sa
and 5b, respectively. The model’s AMOC occupies the
middepth region, with stronger, wind-driven equatorial
cells above and a weak, diffusively driven cell below.
The flow below the mixed layer is less diabatic than in
the mixed layer, though significant cross-isopycnal flow
is present in the MOD-DIFF case. In contrast, the flow
beneath the mixed layer is nearly adiabatic in the LOW-
DIFF case— is nearly constant on isolines of b*, except
for a diffusive cell in the NH. The middepth cell stretches
from the NH to the channel with a cross-equatorial
flow of about 2.7 Sverdrups (Sv; 1 Sv=10°m>s ™) in the
MOD-DIFF case and 2.0 Sv in the LOW-DIFF case.

In the MOD-DIFF case, the isopycnals 1.3 X 107° =
b =6.3Xx10">ms ?*(corresponding to 1.2° = § = 3.7°C)
are shared between the NH and the channel; the
southward flow of the middepth cell occurs on these
isopycnals. The shared buoyancies in the LOW-DIFF
case are slightly different: 1.2 X 107° = b = 62 X
10 *ms ™2 (corresponding to 1.1° = 6 = 3.7°C). Note
that the range of shared isotherms in both cases is 2.6°
which is larger than AT = 1.9°C. This is due to the
poleward advection of warm water along the eastern
boundary in the southern subpolar gyre that leads to
a zonal temperature asymmetry at the northern edge of
the channel (Fig. 6). Thus, the warmest water in the
channel is about T, = 0.7°C warmer than 7* alone.

b. Variable AT

A suite of experiments was performed with the north-
ernmost temperature T varying from 0° to 5°C. The
results are presented in terms of AT, the range of surface
temperatures shared between the channel and the NH
based on the surface forcing.
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FI1G. 5. Overturning streamfunction i (colors and gray lines; interval is 0.25 Sv) and modified
buoyancy b* (black lines; 10> ms~2) for the (a) MOD-DIFF NO-SALT and (b) LOW-DIFF
NO-SALT cases with AT = 1.9°C. The thick black line gives an estimate of the base of the

mixed layer. The vertical dashed line gives the northern boundary of the channel.

The strength of the overturning circulation (quanti-
fied by max, the maximum of ¢ at the equator,4 which—
if nonzero—is found on the shared isopycnals) increases
with increasing AT (green lines in Fig. 7a). For most
values of AT, .« is larger and increases faster with AT
for the MOD-DIFF case than the LOW-DIFF case. The
fact that ¢, > 0 for AT < 0is due to advection of warm
water along the eastern boundary into the channel, as
discussed in the previous section.

The observed width (in buoyancy units) of the shared
surface isopycnal window is given by

Ab =max[b, — max(bg,by),0], (13)
where

“For a fixed value of k,, the variations of ¢ with AT are nearly
independent of the lat used to measure .

by

min b(x 0

y<10 (’y’ )7

b .= maxb X, ,0 y and
Cc y<yc ( y )

by = ryn>151 b(x,y,0). (14)

Thus, bg and by are the minimum surface buoyancies in
the SH and NH, respectively, and b, is the maximum
surface buoyancy found in the channel. If by > by (as
is the case for all NO-SALT experiments), then Ab =
max(b. — by, 0) and Ab is analogous to AT except that
Ab is nonnegative. If no isopycnals are shared between
the channel and the NH, Ab = 0. In both sets of exper-
iments (blue and black lines in Fig. 7b), Ab ~ ga(AT + Ty),
indicating that diffusivity plays a negligible role in de-
termining the size of the isopycnal window.

The meridional width of the isopycnal window /gy,
shown in Fig. 7, is the area between the outcrops of the
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FIG. 6. Zonal-mean surface temperature (solid line), 7* (dashed
line), and the range of surface temperatures at each lat (shading)
for the NO-SALT LOW-DIFF experiment with AT = 1.9°C. The
vertical dashed line shows the northern edge of the channel.

isopycnals b = b, and b = max(bs, by), where bg and by
are the southernmost shared surface isopycnal; we set
lwin = 0 if max(bg, by) > b.. The variable l;, is highly
~ _ pk—lpx _ _
lwin ~Ye r [T (yc) AT TO]

constrained by 7, so
L 4V2(AT + T,
m—y{1—\/1—7f( ) } (15)
T Teq

where 7* ! is the inverse of 7* in the SH and T™* has
been expanded to second order about y. = —3L,/4 to
obtain the second line in (15). The approximation (15) is
valid when I, is positive and real; past the lower and
upper ends of the region of validity, (15) is replaced with
lwin = 0 and i, = L,/m, respectively. The variable ly;,
and (15) are compared in Fig. 8b; (15) provides a good
approximation to ly;, for |[AT| < 1°C but diverges
slightly for AT > 1°C.

A quantity that will be useful in scaling arguments
later is &, the depth of the densest shared isopycnal; if
there are no shared isopycnals, 4. is simply the depth of
the lightest isopycnal to outcrop in the channel. The
weak stratification at the base of the shared layer makes
it difficult to determine the depth of the last shared
isopycnal accurately, so, in practice, . is defined as
the depth of an isopycnal slightly less dense than the
densest shared isopycnal but still in the shared range.
More precisely, A, is the depth the isopycnal b = min[b,,
max(bs, by)] + (1/2)Ab averaged over the region of the
tropics (Jy| <500 km) at least 100 km from the eastern or
western boundary. This definition is similar to that of
Nikurashin and Vallis (2012), who used the depth of
a shared isopycnal averaged over a similar region. The
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variation of s, with AT is complex (Fig. 7d). The variable
h. generally peaks at 400-500 m near AT = —0.75°C and
decreases monotonically as AT is increased.

The behavior of ,,.x and A, is simpler when plotted
as a function of Ab instead of AT because the cases
with Ab < 0 are excluded. As a function of Ab, ¥ax
increases monotonically from 0 at Ab = 0. For Ab >
1.5 X 107> m s~ 2, thmax is greater in the MOD-DIFF case
than in the LOW-DIFF case, with the difference in-
creasing with increasing Ab. In both the MOD-DIFF
and LOW-DIFF cases, h. increases to a maximum at
Ab ~ 103 ms ™2 and decreases thereafter. The value A,
is systematically 100 m deeper in the MOD-DIFF case
than in the LOW-DIFF case.

5. SALT results
a. Case study

As in section 4, we describe a specific case in detail
before proceeding to examine the effects of varying AT.
We will focus on the LOW-DIFF case, because the
difference from the MOD-DIFF case is similar in both
the SALT and NO-SALT experiments. These experi-
ments are identical to those described in the LOW-
DIFF NO-SALT case (i.e., Tx = 1°C, so AT = 1.9°C),
except that freshwater forcing is turned on. The initial
conditions for each SALT experiment were taken from
the equilibrium conditions of the equivalent NO-SALT
experiment.

The overturning circulation and stratification for the
SALT case are shown in Fig. 9a. Compared to the NO-
SALT cases, the overturning circulation is stronger and
occupies a larger depth, buoyancy, and latitude range,
and penetrates further into the channel (cf. Fig. 5b). The
peak cross-equatorial transport is about 2.2 Sv—roughly
11% stronger than in the NO-SALT case. The increase
in overturning is stronger for smaller AT—for AT =
0.9°C, the overturning is 47 % stronger in the SALT case
than in the NO-SALT case. The isopycnals 2.3 X 107> =
b =11.5 X 10 *ms~? are shared between the NH and
the channel; this range is almost twice as large as the
equivalent NO-SALT experiment.

The abyssal water is lighter and less stratified in the
SALT cases due to the heating and slight freshening of
the deep isopycnals. The salt distribution (Fig. 9b) is
asymmetric even though the salinity forcing is hemi-
spherically symmetric. The NH is significantly saltier
than the SH due to the salt transport from the northern
subtropics (a region of net evaporation) into the north-
ern subpolar region by the return branch of the over-
turning circulation (with a possible contribution from
the wind-driven gyres). The overturning circulation acts
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FIG. 7. (a) Max of the overturning streamfunction at the equator /,.x, (b) range of shared
isopycnals Ab, (c) isopycnal window width /;,, and (d) depth of the deepest shared isopycnal /..
as a function of AT. The experiments with and without salt forcing are plotted using green squares
and blue circles, respectively, while the solid and dashed lines give the low- and moderate-
diffusivity cases, respectively. The thin black line in (b) gives ly;, estimated using (15).

in the opposite sense in the SH, transporting freshwater
from the channel north into the southern subtropics. The
channel’s only source of salty water is the upwelling of
deep water formed in the NSG.

The strengthening of the overturning circulation
under salinity forcing can be explained by the salt—
advection feedback, which increases the buoyancy range
of shared isopycnals: the northward advection of salt in
the NSG mitigates the freshening due to the surface flux
in this region relative to the SH channel region. At the
same time, the freshwater carried by the upwelling
branch of the overturning in the SH compounds the
freshening effect of the local freshwater flux, leading to
lower salinity in the channel water relative to the NSG.

Both these processes act to widen the range of buoyancy
shared between the NSG and the SH channel; this fur-
ther increases the overturning circulation. This process
is illustrated in Fig. 10, which shows the surface buoy-
ancy, and its thermal and haline components for one of
the experiments shown in Fig. 9. The temperature dis-
tribution is essentially the same in the SALT and NO-
SALT experiments, so the difference in the surface
buoyancy distribution is due almost entirely to the
presence of salt. The magnitude of the haline compo-
nent of the buoyancy is small and only affects the sub-
polar regions where the thermal component is also small;
these regions are, however, disproportionally important
to the overturning circulation. Salinity forcing freshens
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FIG. 8. (a) Max of the overturning streamfunction at the equator
Ymax [cf. (8)] and (b) depth of the deepest shared isopycnal /. as
function of Ab for the NO-SALT cases. Thick solid and dashed
lines give the LOW-DIFF and MOD-DIFF cases, respectively.

both subpolar regions, but the salt-advection feedback
limits the extent to which the northern subpolar region
freshens, and increases the extent to which the SH
channel freshens. The net effect is to increase the range
of the shared isopycnals from 5.0 X 1072 in the NO-
SALT case to 9.1 X 10 *ms 2 in the SALT case. In
order for the salinity feedback to operate in the quasi-
adiabatic setting, a temperature difference must exist
between the meridional end points of the overturning
cell. If the NH and the SH channel share all the surface
temperature values, then the window of shared buoy-
ancy is already at its maximum extent, and the haline
component does not increase the overturning, as illus-
trated in Fig. 7 for the highest range of AT (green solid
line in the range AT > 2°C).

The salt feedback described above is quite different
from the classical mechanism in the diffusive models
described by Stommel (1961). In the diffusive case, the
overturning transport is proportional to the difference in
density between the downward and upward end points
of the cell, and the salt feedback increases this density
difference. In the quasi-adiabatic case, the overturning
transports salt in such a way as to increase the shared
surface buoyancy between the high-latitude end points
of the cell and thus decreases the density differences
between the upward and downward branch of the flow. In
both the adiabatic and diffusive cases, the salinity feed-
back operates in the presence of a temperature gradient;

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 44

in this sense it is a thermohaline process, although the
haline component has been stressed in the literature.

b. Variable AT

Figures 11a and 11b show by, b, and by in the NO-
SALT experiments for moderate and low diffusivity,
respectively. The surface buoyancies are strongly con-
strained by T* and so both bg and b, are nearly constant,
while by is linearly proportional to AT. For AT > 0,
the SALT cases also have bg and b. nearly constant,
but offset from the NO-SALT values by about 4 X
10 ms~? (Figs. 11c,d). Because the thermal compo-
nents of the surface buoyancies are essentially unchanged
for AT > 0, this offset is due to a freshening of SH waters
(cf. Fig. 9b). The density gradient across the channel
b. — bgis nearly the same in all cases. The variable by is
dominated by the thermal component for A7 > 0 and so
is similar in both the SALT and NO-SALT cases. In the
SALT cases, by < bg for large AT, and the densest water
is formed in the NH rather than the SH.

The behavior of the MOD-DIFF SALT and MOD-
DIFF NO-SALT cases is markedly different for AT < 0.
The SALT case exhibits threshold-like behavior near
AT =~ —0.75°C; below this value, by suddenly increases
and b. suddenly decreases so that by > b, and the shared
isopycnal window vanishes. This is accompanied by
areversal in the salt asymmetry; the NSG is now fresher
than the channel. Similar threshold-like behavior is not
apparent in the LOW-DIFF case, but cannot be ruled
out without more experiments near Ab — 0.

In general, the overturning circulation is stronger in
the SALT than the NO-SALT cases (Fig. 7a). The term
¥max also decreases more slowly as AT decreases in the
SALT experiments than in the NO-SALT experiments.
The MOD-DIFF experiments generally have larger
¥max than the low-diffusivity experiments, except for
AT < —1°C, where the pole-to-pole component of the
overturning circulation collapses in all cases except for
the LOW-DIFF SALT case.

The increased . in the SALT cases is due to the
salt-advection feedback freshening the Southern
Ocean more than the NH, leading to an increase in
the range of buoyancy values Ab shared between the
channel and the NH (Fig. 7b). Remarkably, Ab increases
by a nearly constant amount (approximately 4 X
10 *ms %) over a wide range of AT. The constant
offset relationship breaks down when AT is either very
large (the densest water is formed in the NH) or very
small (the overturning collapses). The MOD-DIFF
and LOW-DIFF cases have essentially identical values
of Ab so long as Y. > 0, indicating that the interior
diffusivity has little impact on the salt-advection
feedback.



APRIL 2014

-300

WOLFE AND CESSI

1185

-300

E -600
RN
-1200

-1800

-2400 : : : :
-5

y [1

FIG. 9. (a) Overturning streamfunction

0 1
0% km]

(colors and gray lines; interval is 0.25Sv) and

modified buoyancy b* (black lines; 10> ms~2) for the LOW-DIFF SALT case with AT = 1.9°C.
The thick black line gives an estimate of the base of the mixed layer. The northern edge of the
channel is denoted by a vertical dashed line. (b) The TWA salinity anomaly (from S, = 35 psu)

S — Sy (colors) for the experiment shown in (a). The lines in (b) have the same meaning

as in (a).

The value of [, increases monotonically with AT in
the SALT experiments, but not in the same manner as in
the NO-SALT experiments (Fig. 7c). In the SALT ex-
periments, Iy, is about 600 km wider in the SALT ex-
periments than in the NO-SALT experiments for
intermediate values of AT and fills the entire channel for
AT > 2°C. Note that the maximum value of [,;, =~
1400 km, which is greater than the 1250 km width of the
channel. This is possible because the outcrop of the b =
b. isopycnal overshoots y. northward, following stream-
lines, downstream of the tip of the model’s ““South
America,” much like the Malvinas Current in the South
Atlantic Ocean. As discussed in Allison et al. (2010),
the northernmost zonally reentrant streamline marks the
dynamical northern edge of the channel; generally the
dynamical edge of the channel is to the north of its
geographical edge.

The variation of A, with AT is similar to that of the
NO-SALT experiments—*#, peaks in the range —1° <
AT < 0°C and then decreases as AT increases further.
As with the NO-SALT experiments, A, is greater in the
MOD-DIFF experiments than in the LOW-DIFF cases.

The behavior of ., lwin, and A as a function of Ab is
shown in Fig. 12. As in the NO-SALT cases, nax in-
creases monotonically with Ab, but A, peaks at an in-
termediate value of Ab and decays for both larger and
smaller Ab. There are few data points for Ab < 4 X
10 *ms 2 due to the action of the salt-advection
feedback—the system tends to move away from the
point Ab = 0 while Ab > 0 by freshening the channel.

¢. The relationship between Ab and AT

Figure 7b shows that Ab ~ gaAT + by, where by is
an approximately constant offset that is independent of
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FI1G. 10. Zonal-mean surface buoyancy bg,,s and its thermal and
haline components (solid lines) as a function of lat y for the LOW-
DIFF SALT case with AT = 1.9°C. The shading gives the envelope
of each component as a function y. The surface relaxation profile
ga(T* — 6,) is given by a green dashed line for reference.

diffusivity. In this section, we show that the value of by is
a consequence of the salt balance in the channel. First,
we note that the surface temperature distribution is
nearly identical in the SALT and NO-SALT cases, so
the isotherm outcrops may be regarded as fixed. Thus,
the problem of finding b, reduces to finding the surface
salinity distribution. Second, the circulation in the NH
tends to cause freshwater to accumulate in the western
half of the basin, while the deep water (i.e., the densest
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water formed in the NH) is formed in the northeastern
corner of the domain (Fig. 13), which receives the sa-
linity of the model’s North Atlantic Current, created at
the boundary of the SPG and the subtropical gyre, with
zero salinity anomaly. Because the deep water flows
quasi adiabatically, it retains its salinity anomaly so the
deep-water upwelling in the channel has the salinity of
the northernmost shared outcrop Sy, until it enters the
channel (cf. the TWA salinity shown in Fig. 9b).

The zonally averaged salinity budget in the channel is

@'S) ,+ w'S), = (x,5,), +V - Kpei; VS,  (16)

where the residual velocity is uf = u + u*. The barred
velocities are the zonally averaged “‘resolved” veloci-
ties, the starred velocities are due to the GM parame-
terization, and Kg.g; is the Redi (1982) tensor.

The Redi component can be estimated by considering
that Kgegi tapers to horizontal diffusion with diffusivity
K. in the mixed layer, so that

K,S,

V- Kgeqi VS ~ 22 ’

(17)

where S, is a scale for horizontal variations in salinity
and L is a typical length scale. This should be compared
to the magnitude of the advective terms, which we es-
timate as

AT [°C]

-2 -1 0 1 2 3
AT [°C]

FIG. 11. Min buoyancy in the SH and NH, by (blue circles) and by (orange diamonds), respectively, and max
buoyancy in the channel b, (green squares) as a function of the range of shared temperatures A7 imposed by the
surface forcing for the four cases: (a) NO-SALT MOD-DIFF, (b) NO-SALT LOW-DIFF, (c) SALT MOD-DIFF,
and (d) SALT LOW-DIFF. The thermal components of the surface buoyancies are also given in (c) and (d) by thin

lines and small symbols.
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FiG. 12. (a) Max of the overturning streamfunction at the
equator ¥y, (b) width of the isopycnal window in the channel [y,
and (c) depth of the deepest shared isopycnal /4, as a function of
isopycnal window width Ab for the NO-SALT cases. Thick solid
and dashed lines give the LOW-DIFF and MOD-DIFF cases, re-
spectively. The thin line in (b) gives the estimate of /y;, from (30).

Ek Sh

Ty ~
(v15), ~ “Bn (18)
where
r
Vg ~ —— 19
Ek pfd ( )

is the velocity in the surface Ekman layer and d is the
thickness of the mixed layer as defined in (2). Appro-
priate scales for the channel are L ~ 1000 km, 7 ~ 0.1 Pa,
f=10"*s"!, and d = 40 m. The salinity distribution in
the channel is remarkably uniform, with S;, ~ 0.2 psu.
Using these scales, the ratio of the Redi term to the
advective term is ~1.5 X 1072 The Redi term is re-
quired to satisfy the boundary condition S, = Oaty = L,,
where it provides a correction to the derivative of § at
y = L, and a negligible contribution to the value of §.
Thus, the Redi term can safely be ignored away from the
southern boundary.
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The near-surface balance without the Redi term is

(UTS)y +w'S), = (x,5,),. (20)
Integrating from a depth —D, where «,S; ~0, to the
surface gives

0
9 J WS dz — wi(~D)s, = @1)
ay J-p

where F is the surface salt flux defined in (6); we have
used the assumption that S ~ Sy beneath the surface
layer. The region z > —D encompasses, but is slightly
thicker than, the mixed layer. Becausee § is constant
throughout most of this region, we replace S with its
surface value Sy in (21), finding

9 S, vi—

dy

W(~D)S,, (22)

where

0
vi= J vl dz. (23)
-D
Noting that w'(—D) = 9, V', the surface layer budget
(22) then becomes the simple differential equation
(VISy), =SyVi+F. (24)
We now integrate (24) over the width of the channel, to
obtain

Sg=S8y +—=—
NV*()

(25)
where we have denoted with S5 = Sy(y.) the surface
salinity at y = y., E,= [* 7 F dy is the surface salt flux
integrated over the meridional extent of the channel, and
we have used the no-normal flow condition V'(— L)=0
Thus, this expression gives the difference between the
salinity at the northernmost shared outcrop and the sa-
linity of the northern edge of the channel, as long as
there is a pole-to-pole overturning circulation that car-
ries Sy southward.

To proceed, we need an expression for Vi(y.). A
reasonable assumption is that V'(y,) is proportional to
the residual transport at the equator V], = ./L
however, we will show that Vi(y.) is better approx1-
mated by the Ekman transport Vg, = —7/(pf) at y.. In
the channel, the residual streamfunction is the sum of
VEek and the transport associated with the eddy param-
eterization Vgy. Because the vertical scale of Vg is
much larger than the mixed-layer depth d, the net
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FIG. 13. Surface salinity anomaly (colors; psu) and surface buoyancy (contours; 10> ms~2) for LOW-DIFF SALT experiments with
(a) AT = —2.1°,(b) AT = 0.1°, and (c) AT = 2.9°C. The thick dark lines show the boundaries of the shared isopycnals.

transport in the mixed layer is approximately Vi(y,) ~ Viey., =T (26)
VEk + dvgm. For the thin value of the mixed layer used Ek of’

here, the eddy transport is negligible compared to the We thus find that the difference AS = Sy — Sy is
Ekman transport and we have given by
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FIG. 14. The difference, AS = Sg — Sy, between the TWA sa-
linities averaged in x and y over the mixed layer at constant
buoyancy along the southern outcrop of the isopycnal b = b; Sg
and the northern outcrop of the isopycnal b = max(bg, bs)Sy as
a function of ¢,y The dashed line gives (27), and the solid line
gives E;/V} .. The square and diamond symbols indicate saturated
states, where the bottom water is formed in the NH rather than in
the channel.

27)

Figure 14 compares the prediction in (27) (dashed line)
with the values of AS obtained in the model for different
values of the parameters. For comparison, the pre-
diction obtained by replacing Vg, with V] is also
shown (solid line). The essential point is that when
¥max = 0, there is no connection between the salinities in
the channel and in the NH, leading to a reversed sign of
the surface salinity gradient in the channel region (cf. the
points with positive AS in Fig. 14).

The value predicted by (27) is 34.4 psu. The buoyancy
anomaly associated with this salinity anomaly is 4.4 X
10> ms ™2, approximately the size of the Ab offset be-
tween the SALT and NO-SALT experiments.

6. Scaling

The results of sections 4 and 5 can be interpreted using
a modification of the scaling law first introduced by
Gnanadesikan (1999). This scaling law is derived by
equating expressions for the strength of the overturning
circulation due to geostrophically balanced overturning
in the NSG V,, diffusive upwelling the tropics and
subtropics ¥4, and wind- and eddy-driven overturning in
the channel ¥,, and V., respectively, and takes the form
of a cubic equation for A
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by KL, 7oLy | KLl 28)
fN lwin pfS hc

—— N —— —— N —
\I,/x q’(' \I,w \I,d

We follow Nikurashin and Vallis (2012) when inter-
preting the terms in (28): Ab is the range of isopycnals
shared between the channel and the Northern Hemi-
sphere, A, is the depth of the densest shared isopycnal,
lwin is the meridional extent of the shared isopycnals in
the channel, 7 is a representative wind stress over the
channel, L, is the meridional extent of the tropics and
subtropics, and fs and fx are scales for the Coriolis pa-
rameter in the channel and the NSG, respectively. Note
that all parameters appearing in (28) are defined to be
positive. The values of k., k,, and L, are given in section
2. For the other parameters, we use fy = fs = 10~ *s ™,
79 = 0.1Pa, p = 1000kgm_3, and L, = 8000km. In
practice, Ab and A, are as defined in section 4b.

The quantity we wish to predict using (28) is /.y, the
maximum value of the streamfunction at the equator.
Because the tropics and subtropics—where diffusive
upwelling makes its largest contribution—are symmet-
rically distributed about the equator, ,,,,x Will be equal
to ¥,, minus half the diffusive loss in the tropics and
subtropics; that is,

ABRZ LI,

1
lr,lmax ~ q,n - E\yd = ﬁ T (29)
c

a. Determination of ly;,

We have seen that [,,;, varies with Ab (cf. Fig. 7c). In
the NO-SALT cases, both Ab and /,;, are approximately
fixed by T*, allowing us to rewrite (15) in terms of Ab:

L
= 1_4\@Ab
T a(,gTeq

(30)

In the SALT cases, the surface buoyancy is not con-
strained by 7*, and the position of the shared isopycnals
is part of the solution, while in (30) we have assumed the
same approximate functional form as in the NO-SALT
case. A more complete theory would have to incorporate
the prediction of the position of the shared surface iso-
pycnals; this is part of ongoing work. Understandably,
the fit is not as good as for the NO-SALT cases (cf. Figs.
7c, 12).

Note that both Gnanadesikan (1999) and Nikurashin
and Vallis (2012) assume that /y;, is fixed and (approx-
imately) equal to the width of the channel. Neither of
these studies considered variations in Ab, so they did not
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need to specify any functional relationship between /i,
and Ab. The present scaling is equivalent to those used
by Gnanadesikan (1999) and Nikurashin and Vallis
(2012) for large Ab, because lyi, = Ly + y.for Ab = 8 X
10°ms~% however, differences are apparent for
smaller Ab.

b. Nondimensionalization

To ease direct comparison with other studies, we
nondimensionalize (28) by setting 4. = Hoh and ly;, =
I.I, where H is a scale for the depth of the overturning
circulation and /. is the width of the channel. For sim-
plicity, we also assume fg ~ fy ~ fo. After division by
ToL/(pfo), (28) assumes the nondimensional form

Ek, L Ek L L
Rth h _xﬁ: 4 v _x b17 (31)
Fr o,Rol [ oRo 2 h
where
U U?
Ro=—— Fr= , (32)
foL, AbH,,
Ek K Ek K
h e v — a
= , and = (33)
o, fl? o, [H?

are the Rossby number, the Froude number, the quo-
tient of the horizontal Ekman and Prandtl numbers, and
the quotient of the vertical Ekman and Prandtl numbers,
respectively. The velocity scale

To

U=—"1—
rfoH,

(34)

is determined by the wind.

The depth scale Hj is not the full depth of the basin,
but rather a characteristic value of h; we pick Hy =
160 m, which is obtained by requiring that Ro ~ Fr for
Ab = 10"?ms "2 The other parameters are given at the
beginning of this section. The values of the groups of
nondimensional parameters appearing in (31) are

Ro
—=0-1.0 35
Fr ’ (35)
Ek, L
—h "2 =063, and (36)
O'hRO lc
Ek L L
v TxTb _ —
oRo 12 0.63 —5.0. (37)

The ranges in (35) and (37) are due to variations in
Ab and k,. Despite the difference in domain size, the
magnitudes of these terms differ from those used by
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FIG. 15. The (@) max and (b) A, as a function of Ab (equivalently,
Ro/Fr) for the NO-SALT MOD-DIFF (orange diamonds), NO-
SALT LOW-DIFF (blue diamonds), SALT MOD-DIFF (orange
crosses), and SALT LOW-DIFF (blue crosses) experiments. Non-
dimensional values are given on the right axes. The solid and
dashed lines give solutions to (28) with variable and fixed /y;y, re-
spectively. The colors of the lines indicate the value of «, used in
(28): black, blue, and orange for «, = 0, k, = 3.125 X 107% andk, =
2.5 X 10> m?s ™!, respectively. The solid curves in (b) have been
shifted upward by 120 m to account for the mixed layer and ven-
tilated thermocline that are ignored in (28).

Gnanadesikan (1999) and Nikurashin and Vallis (2012)
by less than 20%, except for the diffusive term, which is
one order of magnitude larger in Gnanadesikan (1999)
than here or in Nikurashin and Vallis (2012). For com-
parison to Gnanadesikan (1999) and Nikurashin and Vallis
(2012), we used Hy = 320m and H, = 800 m, respectively.

c. Comparison to model results

Figure 15 shows .« and h. as a function of
Ab [equivalent of (Fr")Ro] for all of the experiments.
Nondimensional scales are given on the top and right axes,
respectively, of each panel; .« is nondimensionalized
by ¢y = 2.5 Sv, which is the value of ¥, for h. = Hy and
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Ab = 10"?ms 2 For comparison, solutions to (28) for
fixed and variable l;, and three diffusivities are also
shown. As expected, the solutions with /;, fixed and
variable are identical for “large” Ab (i.e., Fr ™' Ro >
0.6), but differences are apparent for smaller Ab. While
both sets of solutions for ,,, tend toward 0 as Ab — 0,
solutions with variable ly;, decay more quickly. The
variable l;, solutions for 4. display nonmonotonic be-
havior, peaking near Fr ' Ro = 0.2 and tending toward
zero for both small and large Ab. In contrast, the solu-
tions with fixed /;, decrease monotonically.

The nondiffusive solutions (i.e., k, = 0; black lines)
are only slightly offset from the LOW-DIFF curve for
Fr~!' Ro > 0.1, indicating that the LOW-DIFF experi-
ments are indeed close to the adiabatic limit. For Fr™!
Ro < 0.1, diffusion becomes important and both sets of
experiments diverge from the x, = 0 curve—diffusion
favors the recirculating component over the pole-to-
pole component of the overturning circulation, sO ¥yax
decays faster as Ab — 0 for larger «,,.

The overturning strengths diagnosed from the model
follow the variable window curves more closely than the
fixed window curves where the two can be distinguished
(Fr~ ' Ro < 0.4) (Fig. 15a). The model-diagnosed depths
h. also appear to agree better with variable window curves
than the fixed window curves (Fig. 15b), although the
agreement is not as clear as in Fig. 15a. These results
demonstrate that the pole-to-pole component of the over-
turning circulation is indeed sensitive to the geographical
width [, as well as the size Ab of the isopycnal window.

7. The salt transport

One question that arises is how the pole-to-pole cir-
culation achieves a salt balance while connecting two
high-latitude regions where the freshwater flux is of the
same sign. Considering a region bounded by two shared
isopycnals, quasi adiabatic in the interior, the imposed
freshwater flux does not typically integrate to zero in the
area where isopycnals surface. Thus, a steady state can only
be achieved if there is a considerable salt transport across
the isopycnals, presumably in the surface diabatic layer.

The salt budget can be written as

S,+V-F=0, (38)

where
F=u'S - Ky, VS —«,S k (39)

and u' are the sum of the 3D resolved and parameterized
velocities. The time and zonal TWA [defined in (12)] of
the salt budget is
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”J (V-F)o(b—b)dzdxdt=0, (40)

where we have suppressed the integration limits and
assumed that the flow is statistically steady so that the
tendency term vanishes. Using integration by parts to
move the derivatives to the 6 function, we find

% m] “F5(b — b) dz dx di

+a% J” Vb - F5(b — b) dz dx di

- ” F(S)3(by — b) dxdt. (41)

Note that y derivatives are taken at constant b.
In analogy to the streamfunction (8), we define a “‘salt
function”

2(y,b) z% “J j-FH(b—b)dzdxdt,  (42)

which satisfies

T=-

5 ”J j-FS(b—b)dzdxdt and  (43)

1
=7

” Vb - Fo(b — b) dz dx dt

“ F(S)H(b, — b) dx dt. (44)

~| =

Much like the streamfunction, the salt function is con-
stant on isopycnals (i.e., Z, = 0) for adiabatic flow. In the
case of the salt function, diabatic effects arise either
from diapycnal flux [first term in (44)] or flux across the
sea surface [second term in (44)].

The term X is not uniquely defined; in particular, the
modified salt function

b

Yexs [ ustwa (45)

also satisfies (41) for any S* that is a function of ¢
only. This modification is equivalent to subtracting
a spatially variable background salt field from S. The
goal is to choose S* in a manner that results in a
physically meaningful salt function. Boccaletti et al.
(2005) argue that, because only tracer values that vary
on streamlines contribute to the net tracer flux, S*
should be the circulation-weighted salinity on stream-
lines; that is,
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FI1G. 16. The colors give the TWA salt anomaly from .., and the
contours give the freshwater function —ZX/S,.¢ as a function of y and
b. The contour intervals are 7.5 X 10> Sv. The buoyancy spacing is
compressed above 18 X 10 >ms ™2 by a factor of 2.5. The minor
ticks above 18 X 10 >ms 2 are 3 X 10 >ms™ 2 apart to match the
major ticks below 18 X 107> ms 2. The thick black line shows an
estimate of the base of the mixed layer.

#;|V¢|S'd€
S* () = f’ (46)

Vil de

where S is the TWA salt field and the integrals are taken
on the contours i = . This choice of S* eliminates the
largest possible portion, in a least squared sense, of the
advective salt flux (Boccaletti et al. 2005).

The freshwater function for a LOW-DIFF SALT
case with AT = 0.9°C, given by —X/S,.y, is contoured as
a function of y and b in Fig. 16. It shows that the fresh-
water flux enters in the subpolar NH, circulates clock-
wise quasi isopycnally in a pole-to-pole cell all the way to
the channel, where it upwells in the mixed layer to return
quasi isopycnally in the subtropical NH, where the sur-
face freshwater flux changes sign (black solid lines).
Conversely, the cell in the SH is very shallow and con-
nects directly in the mixed layer the region of positive
freshwater flux in the SH to the region of negative
freshwater flux within the same hemisphere (black
dashed lines).

8. Summary and conclusions

We have shown that, if all other parameters are fixed,
the strength of the pole-to-pole overturning circulation
is controlled by the size of the shared isopycnal Ab,
outcropping in both the reentrant channel and the
Northern Hemisphere. If buoyancy is a function of tem-
perature only, Ab can be specified by specifying the surface
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temperature relaxation profile, because the rapid re-
laxation ensures that the surface temperature is nearly
prescribed. Salt forcing is better represented by a fixed-
flux condition, and this type of boundary condition
decouples the surface buoyancy distribution from the
surface forcing, so that Ab is no longer determined by
prescribing the atmospheric state. We find that Ab in the
SALT cases is shifted by a nearly constant offset com-
pared to the NO-SALT cases; the magnitude of this offset
is determined in the channel mixed layer and can be es-
timated by considering the salinity budget in this region.

In all cases, salt forcing leads to a stronger overturning
circulation for a given surface temperature distribution.
This is due to a salt-advection feedback in which near-
surface salt from the subtropics is transported into the
NH, partially counteracting the effect of excess precip-
itation. No such feedback occurs in the SH; precipitation
over the channel increases the surface buoyancy, bringing
more isopycnals into the range of those in the NH and
increasing Ab. The freshening of the channel is halted by
the upwelling of relatively salty deep water and the ex-
port of freshwater in the surface Ekman layer. The final
value of the salinity is controlled by the salt budget in the
channel, which depends on the local freshwater flux, the
strength of the overturning circulation, and the value of
the salinity in the NSG, which is upwelled in the channel;
that is, it depends on both local and remote processes.
The main effect of the salt feedback is to increase the sur-
face buoyancy in the channel more than in the NSG, leading
to a wider shared window and a stronger overturning.

The scaling theory of Gnanadesikan (1999), which
predicts the strength of the pole-to-pole component of
the overturning i,,,x and depth of the shared isopycnals
h., is improved to account for variations of the meridi-
onal extent of the shared isopycnal window /.

The freshwater transport is visualized in buoyancy
coordinates through a salt function that illustrates the
connection between the NH subpolar region and the
subtropics via the pole-to-pole circulation. Conversely,
the freshwater transport in the SH is short circuited
through a direct connection from the subpolar to the
subtropical region confined to the mixed layer.

All the experiments discussed here have been run
to an approximately steady state. The NO-SALT ex-
periments converge to an absolutely steady state. The
SALT experiments are weakly time dependent, with
unsteadiness coming primarily in the form of inter-
mittent convective adjustment in the NSG. These tran-
sient features are small in scale, have short time scales,
and do not cause significant fluctuations in large-scale
quantities such as Ab and ¢,,x. However, the threshold
behavior observed in the MOD-DIFF SALT cases
suggests the existence of multiple equilibria in a nearby
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part of the parameter space. Convergence to a unique
steady state is not generic behavior for salt-forced cir-
culations; large-scale thermohaline oscillations and mul-
tiple equilibria are commonly observed and we expect the
unique steady states that we found to be destabilized by
introducing asymmetries into the salt forcing (Stommel
1961; Bryan 1986; Cessi and Young 1992; Marotzke 2000).
The resulting thermohaline oscillations and multiple
equilibria will be examined in a forthcoming paper.
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